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ABSTRACT
Convectively coupled Kelvin waves (CCKW) are analysed using a cloud-resolving model to gain a better
understanding of the mechanisms that initiate and drive these waves. We compare the modelled precipitation
and vertical structure of a convectively coupled Kelvin wave to the mechanisms that control precipitation over
warm tropical oceans: convective inhibition (CIN), saturation fraction, atmospheric stability and surface moist
entropy fluxes. Our results show that the primary onset mechanism for precipitation associated with CCKW is
CIN associated with a decrease in the threshold moist entropy. Saturation fraction and atmospheric instability
exhibit a time lag in comparison with the rainfall evolution and are, therefore, not primary controls in the
onset of these waves. The modelled CCKW evolve by starting with congestus convection, develop into deep
convection and decay with the stratiform convection. The results from the presented model agree with
observations and linearised models.
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1. Introduction
Convectively coupled equatorial waves, in particular con-
vectively coupled Kelvin waves (CCKW), control a sub-
stantial fraction of tropical rainfall variability (Kiladis
et al., 2009). General circulation models do a fairly good
job in producing CCKW, but due to their complexity, it is
hard to understand why.
Cloud-resolving models (CRM) offer an alternate ap-
proach to simulating the CCKWs (e.g. Grabowski and
Moncrieff, 2001; Kuang et al., 2005; Peters and Bretherton,
2006; Tulich et al., 2007; Tulich and Mapes, 2008). It is
important to note that in the simpler context of a two-
dimensional, non-rotating domain, convectively coupled grav-
ity waves have longitudinal dynamics identical to CCKW,
i.e. the gravity mode from two-dimensional models maps
onto the equatorial Kelvin wave in the real rotating earth’s
atmosphere. Analysing the former provides considerable
insight to understanding CCKWs with the computational
efficiency of two-dimensional modelling (though for sim-
plicity we refer to both as CCKWs). Two-dimensional
CRM simulations have produced vertical structure resem-
bling realistic CCKWs with near-surface cold pools below
the regions of deepest convection (Tulich et al., 2007; Tulich
and Mapes, 2008). These simulations also demonstrated
gradual moistening of the lower troposphere by congestus
convection ahead of the waves. While these show significant
skill in producing signature CCKW structure, they do not
tell us what mechanisms are responsible for that structure.
Simple linearised models present yet another way of look-
ing into CCKWs (e.g. Mapes, 2000; Majda and Shefter,
2001a, 2001b; Majda et al., 2004; Khouider and Majda,
2006, 2007, 2008; Raymond and Fuchs, 2007 hereafter
RF07; Kuang, 2008, Fuchs et al., 2012). Though there are
significant differences in these models, they all generate
CCKWs that propagate with the observed phase speed
(Straub and Kiladis, 2002). The precipitation parametri-
sation in the models listed above can be described as
either imposing a closure based on deep convective inhibi-
tion (DCIN; Mapes, 2000; RF07; Fuchs et al., 2012), or
shallow Convective Available Potential Energy (CAPE)
1
(Majda and Shefter, 2001a, 2001b; Majda et al., 2004;
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DCIN can be viewed as the negative of the lower tropo-
spheric CAPE, thus the two essentially provide the same
information, though the lower tropospheric CAPE may
cover more vertical range, depending on its definition.
However, it is important to note that the essential results
of these models  the propagating phase speed, the growth
rate and the vertical structure  can be obtained without
prescribing the vertical heating profile with phase lag as a
function of time (RF07). Fuchs et al. (2012) showed that
top-heavy vertical heating profiles favour CCKWs, but
that they are not a necessary requirement. In light of the
differences between these linear models, the goal of this
work is to use a CRM to identify the mechanisms primarily
responsible for initiating CCKWs.
Observations, though limited, can provide some insight
to the mechanisms responsible for the Kelvin wave ver-
tical structure. An example of a particularly clean CCKW
(Straub and Kiladis, 2002) was observed during the TEPPS
project (Tropical East Pacific Process Study; Yuter and
Houze, 2000). During this project, the research vessel
Ronald H. Brown was stationed near 1258W, 88N for
approximately 2 weeks in August 1997. The ship was
equipped with a C-band scanning Doppler radar, made in
situ weather observations and launched six radiosondes per
day. RF07 analysed the radiosonde observations from this
project to obtain the time series of DCIN and saturation
fraction (precipitable water divided by saturated precipi-
table water). They showed that the deep convection and
resulting precipitation were related to the moistening of the
atmosphere, but the onset of precipitation was delayed
approximately 1 d by the existence of a stable layer. In this
case, DCIN played a significant role in the timing of the
precipitation in this event.
Further evidence for DCIN control was demonstrated by
Raymond et al. (2003) based on in situ observations in the
tropical east Pacific based on data collected from the East
Pacific Investigation of Climate (2001) field project. They
found that the existence of even a weak stable layer just
above the planetary boundary layer is sufficient to inhibit
the development of deep convection and associated pre-
cipitation. This confirms earlier results that Firestone and
Albrecht (1986) obtained from dropsonde measurements
in the tropical Pacific. Large-scale dry adiabatic lifting by
Kelvin waves can cause a change in DCIN. Large-scale
lifting acts to force convection because dry adiabatic ascent
cools the air near cloud base relative to the surface, which
has the effect of reducing DCIN.
Relaxation of convective inhibition (CIN) is not the only
process found to be important for the onset and strength of
precipitation. Bretherton et al. (2004) used passive micro-
wave satellite observations and found that precipitation
is highly correlated with the saturation fraction of the
troposphere. Raymond et al. (2007) developed a new
conceptual theoretical relation between the precipitation
and saturation fraction that nicely described the high cor-
relation between the two from a cumulus ensemble model.
Sobel et al. (2004) reached similar conclusions using data
taken near Kwajelein Island. Results from numerical cloud
models also support this strong correlation between pre-
cipitation and saturation fraction (Lucas et al., 2000;
Derbyshire et al., 2004; Raymond and Zeng, 2005; Hirons
et al., 2013).
In addition to CIN and saturation fraction, Raymond
et al. (2003) found that precipitation is highly correlated
with surface moist entropy fluxes in the tropical east
Pacific. This is in agreement with similar observations
from the equatorial western Pacific by Raymond (1995)
and over the entire tropical Pacific by Back and Bretherton
(2005).
The main objective of this paper is to sort out the
mechanisms responsible for the onset of CCKW, i.e. the
physics behind the coupling between the Kelvin wave and
convection. To do this, we analyse a CCKW generated from
a CRM and compare the simulated precipitation and ver-
tical structure to the various factors that control precipita-
tion over warm oceans. Based on the above observations,
and on the linear theory of RF07, we will focus on four
main mechanisms: DCIN, saturation fraction, atmospheric
stability and surface moist entropy fluxes.
This paper is organised as follows: Section 2 introduces
the physical parameters that are relevant for tropical con-
vection and precipitation, and thus for CCKWs. Section 3
presents the numerical experiments using the CRM; the
results are given in Section 4; and conclusions are drawn in
Section 5.
2. Physical parameters
Before we start the analysis of our model results, we verify
that the modelled mode’s evolution of the vertical mass flux
profiles exhibits the signature evolution associated with
large-scale disturbances: Initiation of congestus convection
with a bottom-heavy vertical mass flux profile, which
develops into deep convection, and decays with stratiform
convection characterised by a top-heavy vertical mass flux
profile.
We then concentrate on several key variables, which
distinguish characteristics of convection associated with
CCKWs compared to that observed in other large-scale
phenomena. In the analysis of our modelled CCKW,
we focus on DCIN, saturation fraction, an instability
index and surface moist entropy fluxes, which we define
below.
In order to initiate congestus convection that will lead to
a CCKW, the atmosphere over tropical oceans requires a
2Z ˇ . FUCHS ET AL.conditionally unstable layer. That layer can form by large-
scale lifting that cools the air relative to the surface through
adiabatic ascent near cloud base. This was observed in
TEPPS and suggested by RF07. Thus, we adopt a measure
of DCIN initially introduced by Raymond et al. (2003),
DCIN ¼ s
 
t   sbl; (1)
where the boundary layer entropy, sbl, is defined as the
average moist entropy in the lowest 1750 m, and the
threshold moist entropy, s 
t, is taken as the average
saturated moist entropy over the thinner threshold layer
(20002500 m).
2 The specific values are somewhat arbi-
trary, but slightly different choices don’t affect qualitative
results. The average moist entropy in the boundary layer
mostly depends on surface fluxes and downdrafts, while the
threshold moist entropy that also represents the tempera-
ture profile depends on the tropospheric vertical motion.
DCIN will be negative if there are higher values of sbl and
slightly cooler than average temperatures above the thresh-
old layer leading to lower values of s 
t.
In addition to CIN, observations and models have
shown a sensitivity of precipitation to ambient moisture.
To investigate this, we compare the modelled precipitation
with the saturation fraction, which is defined in terms of
the precipitable water from our CRM. It is calculated as
the precipitable water divided by saturated precipitable
water, which is approximated here by
S  
R h
0 qðs   sdÞdz
R h
0 qðs    sdÞdz
; (2)
where the integrals are taken from the surface to the
tropopause height, h; s is the moist entropy, s* is the
saturated moist entropy and sd is the dry entropy. Though
there are several hypotheses for the relation between
saturation fraction and precipitation (Bretherton et al.,
2004; Raymond et al., 2007; Peters and Neelin, 2006), all of
them exhibit a very sharp increase in precipitation with a
modest increase in moisture.
Finally, a numerical study by Raymond and Sessions
(2007) found that both the precipitation rate and the level
of maximum vertical mass flux were sensitive to the
atmospheric stability. Their simulations showed that an
increase in atmospheric stability produced convection with
a bottom heavy mass flux profile (i.e. the altitude of the
maximum in the mass flux profile decreased significantly).
Bottom-heavy convection concentrates convergence to lower,
moister levels which effectively increases the precipitation
rates. To investigate the role of this effect, we define an
instability index as in Raymond et al. (2011):
Ds
  ¼ s
 
low   s
 
mid; (3)
where s 
low is the saturated moist entropy averaged over
the 13 km layer and s 
mid is the saturated moist entropy
averaged over the 57 km layer. If the environment is
saturated, smaller Ds* corresponds to greater stability,
which promotes higher precipitation rates, according to
Raymond and Sessions (2007).
RF07 derived an analytical model for large-scale waves
which isolated the contributions of several of the physical
processes mentioned above. In their model, the total pre-
cipitation, P, is the sum of three contributions:
P   P1 þ P2s þ P2t: (4)
Here, P1 is the contribution of precipitation from the
saturation fraction:
P1 ¼ a
Z h
0
qðzÞdz; (5)
where q is the scaled mixing ratio and a is a moisture
adjustment rate. The contribution to precipitation from
surface flux variations is:
P2s ¼ lCINksE; (6)
where E is the scaled surface evaporation rate anomaly, ls
a constant representing the sensitivity of CIN to surface
evaporation rate and mCIN is a parameter that governs the
sensitivity of precipitation rate to this inhibition. The third
term, P2t, is related to variations in the buoyancy just
above the boundary layer:
P2t ¼ lCINktbðDÞ: (7)
Here, b is the buoyancy at height D (taken to be 2 km)
and lt is a constant representing the sensitivity of pre-
cipitation to variations in b at this level. For more details
see RF07.
Figure 1 is a result from RF07, which shows the con-
tribution to precipitation for each of the terms in equation
4 as a function of wave phase for a convectively coupled
Kelvin mode with zonal wavenumber l5.5. The total
precipitation is given by a solid line, the saturation fraction
contribution by a short dashed line, the CIN contribution
by a long dashed line and the surface fluxes contribution by
the dotted line. The CIN contribution to precipitation is
by far the most significant, while the saturation fraction
contribution is negligible. In contrast, RF07 presented a
similar decomposition for the moisture mode  a mode in
which precipitation increases with tropospheric humidity
while the convection itself increases humidity (Sugiyama,
2009a, 2009b)  in which the CIN contribution was
2Layer thickness and heights used in the definitions of DCIN and
instability index represent typical observed values of characteristic
regions over tropical oceans.
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thus demonstrated that different large-scale waves 
convectively coupled Kelvin modes and moisture modes 
are primarily driven by distinct mechanisms (CIN and
saturation fraction, respectively). One goal of this work
is to determine whether a simulated CCKW exhibits this
distinction.
In the next section, we describe a numerical experiment
in which we simulate a CCKW and examine the relation-
ship between precipitation, saturation fraction, instability
index and DCIN. The purpose of the experiment is to
determine which of these mechanisms is responsible for the
onset of the CCKW (the three-dimensional equivalent of
a two-dimensional convectively coupled gravity wave), and
whether that agrees with the results of RF07.
3. Numerical experiments
In order to investigate the major contributions to the pre-
cipitation in CCKWs, we performed a simulation similar to
Tulich et al. (2007) using the CRM of Raymond and Zeng
(2005). The simulation is on a two-dimensional domain
with no rotation, but as stated before the gravity waves
from two-dimensional model map directly to CCKWs in
three dimensions where rotation is included.
The two-dimensional domain extends to 20 km eleva-
tion with 250 m vertical resolution and has a horizontal
dimension of 7000 km with 1 km resolution. We initiated
the simulation with potential temperature and mixing ratio
profiles obtained by averaging the last 35 d of a 58-d
radiative convective equilibrium (RCE) simulation on a
two dimensional domain with a horizontal dimension of
800 km, 1 km resolution, and with the same prescribed
magnitude of surface fluxes as used in the experiment. In
the CCKW experiment, we imposed a 5 ms
1 horizontal
wind from the east over an ocean with a 303 K surface
temperature. The model has source and sink terms to keep
the average surface horizontal wind approximately con-
stant throughout the run. Figure 2 shows a Hovmo ¨ ller
diagram of the precipitation in mm day
1 for the entire
7000 km domain. Similar to the results from Tulich et al.
(2007), our CRM produces a large-scale wave that travels
at about 15 ms
1 to the east. Embedded in the wave packet
are smaller mesoscale convective systems (MCSs) moving
toward the west with a speed of about 6 ms
1. MCS
structures embedded in a larger scale wave packet have
been observed in similar numerical experiments (Numaguti
and Hayashi 2000; Tulich et al. 2007). The westward pro-
pagation of these MCSs may be attributed to the imposed
background 5 ms
1 wind from the east. Propagation at
speeds faster than the basic easterly state is attributed to
equatorial inertio gravity waves (Numaguti and Hayashi
2000; Tulich et al. 2007; Kiladis et al. 2009); this is not a
likely mechanism in this work because there is no rotation
and drift with the background state can account for their
motion.
To analyse the vertical structure and properties of the
environment as the wave passes, we perform a Galilean
transformation of the stationary reference frame to one
that moves at the phase speed of the wave. The correspond-
ing rainfall contour is shown in Fig. 3. In this reference
frame, we can take a time average over the wave to obtain
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Fig. 2. The modelled evolution of rainfall over the 7000 km
domain. The contour intervals are 20 mm day
1, with a maximum
values ranging between 60 and 100 mm day
1. The wave speed is
about 15 ms
1 toward the east (right).
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Fig. 1. Decomposition of precipitation as a function of wave
phase (x/l, where x is position and l is the horizontal wavelength)
in a simple model of RF07 for the eastward-moving convectively
coupled Kelvin mode with zonal wavenumber l5.5. The solid
line is the total precipitation (left hand side of equation 4);
the short dashed line (P1) is the contribution due to saturation
fraction; the long dashed line (P2t) is the CIN contribution; and
the dotted line (P2s) is the contribution due to surface ﬂuxes.
4Z ˇ . FUCHS ET AL.the statistical properties of the environment as the wave
passes. Note that in Fig. 3, the right side of the strip of
precipitation corresponds to the onset of the wave; the
evolution proceeds from right to left and decays at the left
edge of the band of precipitation.
4. Results
In this section, we analyse the model results to compare
with the conclusions of RF07. We first check the modelled
evolution of vertical mass flux with the observed structure
in CCKWs, and then investigate the role of DCIN, satura-
tion fraction, instability index and surface moist entropy
fluxes in relation to the precipitation rate. We present the
modelled results as a function of time, where the time
evolution can easily be inferred by dividing the horizontal
length of the spatial domain (7000 km) by the wave speed
(15 ms
1). However, this gives a backward time evolution
(the initiation of the wave is on the right, rather than left
side of the wave) so we compensate by reversing direction.
We do this for a more intuitive presentation of the data
analysis.
Figure 4 shows a contour plot of the vertical mass flux
profile with the precipitation rate superposed for compari-
son. Note that prior to the rainfall peak, the maximum
mass flux is confined to the layer below 7 km; the CCKW
starts out with congestus convection and a bottom heavy
vertical heating profile, which develops into deep convec-
tion with upward mass flux extending to 12 km, and decays
with maximum mass flux in the layer between 7 and 12 km
(i.e. top heavy vertical heating profile) representative of
stratiform convection. This indeed demonstrates that the
simulated CCKW exhibits the expected heating pattern
associated with observed CCKW heating structure (Straub
and Kiladis, 2003 and Kiladis et al., 2009).
Next, we investigate the time evolution of DCIN and
surface entropy fluxes. Figure 5 shows the precipitation rate
obtained for the modelled CCKW as a function of time
as the wave passes a fixed location (top panel), DCIN
(middle panel) and the contribution to DCIN by the
threshold moist entropy s 
t and the boundary layer moist
entropy sbl (bottom panel). The first thing to notice is that
the negative excursions of DCIN either coincide with or
lead with the development of rain. This is consistent with
the RF07 result showing the CIN contribution to precipita-
tion slightly leads the precipitation maximum (see Fig. 1).
Prior to the heavy rain peak in Fig. 5, DCIN is slightly
positive due to the existence of a stable layer centred near
3 km (see Fig. 6), s 
t slightly increases while sbl is steady. This
is followed by a sharp decrease in the threshold moist
entropy s 
t associated with a breakdown of the stable layer,
as illustrated in Fig. 6, and consequently a negative value of
DCIN. The decrease in the boundary layer moist entropy,
sbl, probably due to the convective downdrafts, lags s 
t by
a couple of hours, which keeps the DCIN negative. After
the passage of the wave axis, both s 
t and the boundary layer
moist entropy sbl increase. However, there is a delay in
the increase of sbl compared to s 
t because subsidence in the
CCKW after the convective peak causes s 
t to increase while
rain evaporation keeps sbl low. This pattern is also evident
in soundings taken in subsiding air following the passage of
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Fig. 3. Same as Fig. 2, but plotted in a reference frame moving
at the phase speed of the wave (15 ms
1). In this reference frame,
the wave is initiated on the right side of the strip of precipitation
(approximately 6000 km), and the decay is on the left edge
(3500 km).
Fig. 4. Contours show the modelled mass ﬂux for CCKW
as a function of height. For comparison, the rain rate is shown
with a solid line.
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shape of an onion; Zipser, 1977). The earlier increase in s 
t
with a magnitude larger than the increase in sbl contributes
to DCIN becoming positive, and it remains positive during
the suppressed convective part of the CCKW.
Finally, Fig. 7 compares the precipitation rate of CCKW
(top panel) to the saturation fraction (middle panel) and the
instability index (bottom panel). These controlling factors
are considered in the context of the numerical results
reported in Raymond and Sessions (2007). In particular,
they found that more stable environments (characterised
here by a smaller instability index) produce more bottom
heavy convection. This concentrates the convergence to the
lowest levels which are characteristically more moist, and
consequently, produce higher precipitation rates. Based
on these results, we might expect the timing of the minimum
in instability index and maximum in saturation fraction
to coincide with strong bottom heavy convection. Compar-
ing the instability index and saturation fraction (middle
and bottom panels of Fig. 7) with the mass flux contours
(Fig. 4), we see this is not the case at all. The strong bottom
heavy convection occurs just after day 1 (mass flux maxi-
mum occurs near 3 km), while the instability index mini-
mum and saturation fraction maximum occur near day 2.5.
Also, the extrema in saturation fraction and instability
index lags the precipitation peak by about a day, suggesting
that these mechanisms are not primary controls in the onset
of CCKWs. It is interesting to note that the saturation
fraction continues to increase after the precipitation peak
despite drying by the precipitation. This is a result of
the deep convective heating that persists up to day 2.5
(see Fig. 4). As the convection transitions from deep to
stratiform, the saturation fraction decreases and the in-
stability index begins to recover from its minimum. Similar
to Raymond et al. (2011), there is a correlation between
saturation fraction and instability index throughout the
passage of the wave.
To summarise, negative excursions of DCIN due to the
breakdown of the stable layer either coincide with or lead
the development of rain. The break down of the stable layer
can be associated with large-scale dry adiabatic lifting
by the Kelvin wave itself: large-scale lifting acts to force
convection because dry adiabatic ascent cools the air near
cloud base relative to the surface. In contrast, the increase
and saturation fraction and decrease in instability index do
not occur until after the demise of the stable layer; their
respective extrema lag the precipitation maximum. There-
fore, we conclude that DCIN plays a significant role in
the timing of precipitation and is consequently the most
important mechanism controlling the onset of CCKWs.
This result is in agreement with RF07.
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Fig. 5. The top panel shows the modelled precipitation rate
for CCKW as a function of time; the middle panel shows modelled
DCIN is solid line (dashed line is precipitation rate); and the
bottom panel shows modelled threshold moist entropy, s 
t,
and the boundary layer moist entropy, sbl.
Fig. 6. Modelled saturated moist entropy anomalies are shown
in contours; rain is shown with a solid line.
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Figures 57 obtained for CCKW in our CRM tell an
interesting story. The CCKW forms similar to most large-
scale disturbances in the tropics. It starts with congestus
convection, develops into deep convection and decays into
stratiform convection. This modelled structure agrees with
the observations for CCKWs (Straub and Kiladis, 2003
and Kiladis et al., 2009), but it is not essential to the
CCKW dynamics (Fuchs et al., 2012). Saturation fraction
and instability index in our model lag the rainfall distribu-
tion, and the deep convection and resulting precipitation
related to the moistening of the atmosphere are delayed
approximately 1 d because of the existence of a stable layer.
The demise of the stable layer causes the DCIN to decrease
and its excursion to negative values leads the rainfall
indicating that the onset of CCKW  or its coupling to
convection  is triggered by DCIN.
Separating DCIN into components gives some insight as
to whether DCIN in our model is dominated by surface
entropy or saturated entropy aloft. Figure 5 shows that
DCIN decreased as a result of the decrease in the threshold
moist entropy, s 
t. The boundary layer moist entropy, sbl,a t
that moment kept steady, then slightly increased, contri-
buting to negative DCIN, and only after approximately 6 h
did it start to decrease. Due to that lag, DCIN remained
negative as entropy aloft continued to decrease. After the
passage of the wave, both s 
t and sbl started increasing and
DCIN became positive. From this we can conclude that
DCIN decreased as a result of the disappearance of the
stable layer aloft and that DCIN played a significant role in
the timing of the precipitation resulting from CCKWs.
There are very few in situ observations of equatorial
Kelvin waves in the literature  we know of only one: the
study of a Kelvin wave in the east Pacific by Straub and
Kiladis (2002). RF07 performed some additional analysis
on the radiosonde time series from this case. They showed
that DCIN decreased prior to the passage of the wave and
increased afterwards, in agreement with both the analytic
and numerical models. However, more of the decrease in
DCIN in the observed case was due to an increase in the
boundary layer moist entropy than in our models. There
was also a larger increase in the saturation fraction during
the wave passage  a consequence of a greater precipitable
water (the numerator in the saturation fraction)  than
expected from a satellite study of Kelvin waves by Roundy
and Frank (2004). They commented that this case may be
uncharacteristic of equatorial Kelvin waves in general.
While this observation points to a discrepancy in the
factors controlling DCIN  which depend on whether the
surface moist entropy leads or lags the saturated threshold
entropy  there is no discrepancy in the role that DCIN
itself plays in the onset of CCKWs. This is an important
result which distinguishes CCKWs from other large-scale
disturbances, i.e. from other convectively coupled equator-
ial waves as well as from the moisture mode. More in situ
observational studies of equatorial Kelvin waves are
needed to determine the factors that control DCIN itself.
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